ATMOSPHERIC AND OCEAN MODELLING

Vertical coordinates

We have exclusively used height as the vertical coordinate but there are alter-
native vertical coordinates in use in ocean models, most notably the terrain-
following coordinate models and isopycnal models. We'll first transform the
equations of motion to a general vertical coordinate, r, before considering the
most common specific vertical coordinates. A good reference for the trans-
formation is the book by Haltiner and Williams, 1980, section 1-9. The book
by Haidvogel and Beckmann, 1999, describes models using all three vertical
coordinates.

10.1 General vertical coordinate

Consider a general vertical coordinate, r, which is assumed to be a monotonic
function of height, z. Transforming the equations of motion into the coordi-
nates (z,y,7,t) makes z = z(x,y,r,t) a dependent variable. Any dependent
variable, A = A(x,y, z,t), that can be described in the original coordinate
can be described as a function of the new coordinates:

A= Alz,y, 2(z,y,7,1),1)

The vertical partial derivative in the new coordinate is
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A partial derivative with respect to any other ordinate, s, where s is one of
x, y or t, is obtained using the chain rule:

0A|  0A 0A 0z
ds| ~ Bs| "z s,
or, substituting in for d.A from above,
oA 04 JAdr 9A
95|~ Ds| "oros or|

Here, the vertical bar with suffix indicates the partial derivative holding
constant the suffix. We can now write down the horizontal gradient of a scalar
A in height coordinates expressed in terms of derivatives in r coordinates:
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V. A=V,A—- ——V,
or 0z ?
Similarly, the horizontal divergence of a horizontal vector, ¥/ can be expressed:
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Finally, the total derivative of A in z coordinates is the total derivative in r
coordinates:
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Now we can use the above relations to transform the terms in the equa-
tions of motion. Hydrostatic balance becomes

or Bp B

oz 0r n
or more naturally

(9_;) 892

or P or

The horizontal pressure gradient in the momentum equations becomes

V.p = V-.-p—%vr.z

= V,p+pVygz

where gz is the geopotential.
The incompressible continuity (or non-divergence) equation is:

P or or 0v B
E@m—a—zg V,.Z—O

The term J,w can be found from the definition of w = D,z above:

V., 14+ d,w=V,-
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so that continuity in r coordinates is

Jdz 0z AN
Dtar ﬁ-r(vr'v_{__)_o

This can be written equivalently as

0z or
Diln o+ V, -7+ 52 =0
o 9 9z . 00
2z zﬂ, z,
6;§+V.,a §§T 0



ATMOSPHERIC AND OCEAN MODELLING

Combining all the above relations, the inviscid and adiabatic HPEs can then
be written in r coordinates as:

- 1 1
D+ fENT+ EV.._p + E,ovj.gz = 0
Op 0
ar + pggz = 0
0z 0z L or
P = .-0(89 S, Z)
Dtg - U
DgS = 0

We'll now chose specific vertical coordinates and see how the above equa-
tions simplify or otherwise turn out in each case.

10.2 Terrain following coordinates

The representation of bottom topography in z-coordinates has historically
been crude'. An elegant approach to incorporate the topography smoothly
into models is to normalize the vertical coordinate by the fluid depth. There
are many choices of terrain following coordinate but we will demonstrate the
simplest, known as o-coordinates (sigma) where

_ z
H(z,y)
This maps the bottom at z = —H(z,y) to 0 = —1 and so the domain is
made square. Using r = o = z/H simplifies the scaling factor
or 1 0z
—_— = — or — =H
dz H ar

In the hydrostatic equation, the vertical derivative of gz is trivial since z =
rH = o H. The resulting o-coordinate equations are:

! B—pvgz = 0

- 1
D+ fEANUT+ =V,p— —
0+ f v P p 7H 0o

IThe finite volume method (or partial cell representation) has somewhat alleviated this
problem. However, there are still advantages to terrain-following coordinates such as fixed
domain, the ability to use a modal representation in the vertical, etc...
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Figure 10.1: Schematic of sigma-coordinates (a) and s-coordinates (b) in
physical z — z plane.

9]
—p+ng = 0
do

VU-Hﬁ—i-in = 0
do

There are two gradient terms in the momentum equations. To a large
degree, these cancel but cannot necessarily be canceled analytically. To see
this, imagine a resting fluid of constant density. The pressure is simply a
function of height, z. However, wherever the topography, H, slopes, the
coordinate surfaces above must slope too. This means that V,p is non-zero
and indeed is canceled by gpV,z. At a numerical level, it is impossible to
make these two terms balance exactly for an arbitrary static initial condition
and so leads to “spontaneous” motion. The imbalance of terms is known as
the “pressure gradient error” and a lot of effort has been put into reducing
this error. With modern schemes, a typical error will be of the order of
millimeters per second for common circumstances.

Over shallow topography, the effective vertical resolution is increased.
This can be an advantage but care must be taken to avoid numerical insta-
bility due to small grid lengths (CFL). The implicit treatment of vertical
terms is therefore used in models such as SPEM/SCRUM or SEOM.

There are many variants on the terrain following coordinates where dif-
ferent functions of bottom depth and height are used. Some also include the



ATMOSPHERIC AND OCEAN MODELLING

free-surface height in the normalization; the s-coordinate is defined as

zZ—1
S5 =
H+n

so that all though the free-surface can move the computational domain is
fixed (—1 < s < 0). The surface variations introduce relatively minor slopes
to the coordinate surfaces compared to those induced by the bottom topog-
raphy.

Terrain following coordinates have several advantages over z-coordinate
models:

e Smooth representation of bottom topography.
e Allow concentration of coordinate lines in “boundary layers”.
but have the following dis-advantages:

e Pressure gradient error can be significant and/or lead to spontaneous
motion.

e Representation of horizontal or along isopycnal processes is awkward.

10.3 Isopycnal coordinates

Where the fluid is adiabatic, (potential) density is conserved and since, under
statically stable conditions, density is a monotonic function of height it makes
a useful vertical coordinate. The real advantage of isopycnal coordinates is
their Lagrangian treatment of vertical motion; explicit advection acts only
in the horizontal. This makes the models models very adiabatic allowing
them to avoid numerical diffusion in the vertical that can be troublesome in
z-coordinate and terrain-following coordinate models.

Strictly speaking, the vertical coordinate is potential density, g but we
will use p as the vertical coordinate to avoid confusion with the terrain fol-
lowing coordinate. Setting r = p, the continuity equation becomes:

L0
0,0,z + V. - 0,20 + a—pﬁpz,o =0
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where p is non-zero only where diabatic terms force flow across isopycnals.
The continuity equation has become a layer thickness equation for each den-
sity class. The hydrostatic equation is

0
= gpﬂu’ —gz=0

where M = p/p+ gz is the Montgomery potential. The momentum equations
become

~ 1
D+ [k AT+ =V ,pM =0

Isopycnal models have several advantages over the height and terrain-following
coordinates:

e Ideal for modeling lateral transfer processes. Adiabatic motions mod-
eled without any spurious diabatic terms.

e Smooth representation of topography. The bottom topography is rep-
resented as piecewise-linear and is included in the model through a
vanishing of the layer thickness.

e Conserves volume of density classes
Some dis-advantages are:
e Full or non-linear equation of state is difficult.
e Non-hydrostatic effects/dynamics are not possible.

e Density is not a natural coordinate for representing mixing processes
such as the surface BBL (shallow and deep mixed layers).

e Vertical and horizontal resolution are tightly connected in regions where
isopycnals outcrop. This can lead to inadequate horizontal resolution
in regions such as the ACC.
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Figure 10.2: A schematic of (a) “step” topography in a z-coordinate model
and (b) a partial cell representation.

10.4 z-coordinate models

Note that the z-coordinate equations are readily recovered. Setting r = z
means that 9,z = 1, D,;0,z = 0, V,.gz = 0 and 9,9z = ¢. Since we are so
familiar with z-coordinates we will refrain from writing them out once more.

One of the problems with z-coordinates used to be with the crude rep-
resentation of topography as a series of giant steps (see Fig. 10.2). Now,
however, we represent the bottom either via a variable thickness bottom
layer (partial cells) or with a piecewise-linear representation. This approach
has been tested and favourably compared to results from a sigma-coordinate
model. The three main z-coordinate models have some form of partial cells
implemented.

Some advantages of using z-coordinates are:

e Simple to implement and use!
e The full equation of state can be used.
e Diabatic processes, including the mixed-layer, can be represented easily.

e Non-hydrostatic and non-Boussinesq terms can be included.
Some dis-advantages are:

e Representation of along isopycnal processes are awkward.

e Representing the bottom boundary layer is awkward.
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10.5 Primitive equations in pressure coordi-
nates

The other natural choice of vertical coordinate is pressure. Here, however, the
non-Boussinesq equations are the best starting point. This leads to equations
very similar to those used in meteorology. They have the advantage of not
needing to “simplify” the equation of state dependence on pressure but have
a major difficulty in representing the bottom. Use of the Philip’s normalized
pressure coordinate (a sigma-coordinate) renders equations very similar to
the terrain-following coordinate outlined above.

The compressible, non-Boussinesq hydrostatic equations in height coor-
dinates are:

. 1
Dtﬁ’—kfkf\-ﬁ—i—gvzp = 0
Op
EJrg,o = 0
1 ow
“Dp+ V. -7+ — 0
P Oz
p = p(0, S p)
Dtlg — 0
ths — 0

Using the same transformation rules as before, the non-Boussinesq equations
written in a general coordinate “r” become:

~ 1
D+ fEANT+ ;V.,,p +V,gz = 0
dp 0

or + pggz = 0

Jz 0z (1 or

Dy— + — | =D U+ — =
tB-r+6-r (p o+ V U—I_@T) 0
p = p(@,5S,p)

_Dtg —_ U
Dts — U

The continuity equation looks unusual. having two total derivatives. A
judicious choice of coordinates, r = p, will cause these terms to cancel. With
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r = p, the hydrostaic equation becomes

0z
1 — =0
+r9g
which is normally written
a + oP _ 0
op

where o« = 1/p is the specific volume and ® = gz is the geopotential. We
can now examine the two total derivatives in the continuity equation:

0z 0z1 1 1
Di— + —=D;p = —Di(—)——=5Dwp
dp Opp ap’  gp
1 1
= —Diyp——Dip=0
ap gp

The other major simplification is that the gradient of pressure on a pressure

surface is zero (V,p = 0) so that the momentum equation retains only one
gradient term.

Making the above substitutions we arrive at the primitive equations in
pressure coordinates:

DT+ fkAT+V,& = 0

od
Cl-l-% = 0
v, g—; = 0
@ = Q(H,S:p)
Dtg = O
DLS = U

where w = p is the cross coordinate flow in pressure corodinates. The equa-
tion of state is now written in terms of specific volume.

Examination of the above equations and comparison with the Boussinesq,
hydrostaic equations in height coordinates reveals a one-to-one correspon-
dance of terms and variables; the equations are isomorphic. They take the
same structural form and this carries through to the boundary conditions also
(de Szoeke and Samelson, 2002; Marshall et al., MWR 2004). Because the
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equations are isomorphic, all of the algorithmic considerations and coordi-
nate transformations we discussed can be applied to the primitive equations
in pressure coordinates. This is an approach used in the MIT GCM to model
the atmosphere or non-Boussinesq ocean using the same code that is used to
model the Boussinesq ocean.

10.5.1 Atmosphereic equations in pressure coordinates

For the atmosphere, we simply need to replace the equation of state with
that of the atmosphere (we'll use the ideal gas equation, p = pRT) and drop
salinity from the equations. There is one simplifying step that can be made
due to the ideal gas equation which uses a function called the Exner function,

p K
II=c, | —
p(nj

Here, ¢, is the specific heat at constant pressure, R is the gas constant and
rk = R/c, and p, is a reference pressure used to define the potential temper-

aute: B
11 Po
Note that .
o1 = 2 (3) _ By
p Po b
and

RT B ke T B k110

p p P
so that the primitive equations for an ideal dry atmosphere can be written:

D@+ fEAT+V,@ = 0

0 =

= 00,11

0P
0+ — =
—0—81_1 0
L Ow
Vp"t)—l—@—p = 0
Dgg - 0

Integrating the continuity equation vertically over the air column and apply-
ing appropriate boundary conditions yields the surface pressure equation

@},;DS—FV p‘51_3‘=0
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10.6 Hybrid coordinates

The choice of vertical coordinate is perhaps the single most important fea-
ture that differentiates between models and is still an active area of research.
Many groups are examining how to use “hybrid” coordinates where the coor-
dinate may be a function of height in the mixed layer, a function of isentropes
in the interior and some function of the terrain in the bottom boundary layer.

12
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Parameterizing Eddies

In Gent and McWilliams, 1977, a parameterization of sub-grid scale eddies
(geostrphic) eddies was proposed that built on the idea sub-grid scale pro-
cesses can transport properties as well as diffuse and that baroclinic insta-
bility removed large scale potential energy.

11.1 Along isopycnal fluxes

Ignoring the zonal direction for convenience, the Reynolds averaged buoyancy
equation integrated by a coarse resolution model takes the form

;b + 0,0 + ,wb = 9,0 — W'l

where the fluxes v'lf and w'l’ are the Reynolds averaged fluxes that represent
the interaction of the sub-grid scale processes with the large scale (resolved)
model.

If we only consider eddy-fluxes to be oriented along isopycnals then

AN, -
A | =vPeb+whab=0
w'l d.b

which means we can eliminate one of the components of the eddy flux in
favor of the other:

Y B

w'hy = — y—'U"br — SP'U’br

d.b
where s, = —0,b/0.b is the isopycnal slope.

13
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The divergence of eddy fluxes can then be written

Oy W—k@ (s,0'b)

v'b

9,07 + d.w'F

= 0, ( 3 b) (B anb)
_b’ vt -
- = b&,zb ) ( )a b— 0. b= 55 0usb
vl - fv’b’ _

= ay(ﬁ) zb—az(ﬁ)ﬁ‘yb

= 8yw*az5 — 8z1;'}*8y5

= v'd.b+ u.'*ayf_)
where v* and w* are components of a “bolus” flow corresponding to an eddy-
induced stream function, ¥* = v’ /d.b.

11.2 Gent-McWilliams

GM90 proposed a closure that assumes that the eddies remove potential
energy from the mean flow. The potential energy equation corresponding to
the large scale flow is (approximately)

d;(2b) + 0, (vhz) + 0. (wbz) — wb = —0,(V'Vz) — 0. (wW'¥z) + W't

so to ensure that the parameterized eddies reduce the mean potential energy
(in the volume integral as well as locally) we require

bh—
yg-v’b’ <0

z

w'y =

Assuming that the flow is stably stratified (9.b > 0) then the simplest closure
that satisfies the sign constraint is
ﬁayb?yb‘

0.b
and the bolus transport function is proportional to the isopycnal slope (or
baroclinicity):

VY = —J{SHE so that w'l = —
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11.2.1 Other tracers

So far we have worked with the dynamical scalar buoyancy, b. The Reynolds
average equation for an arbitrary tracer, 7, is

T + 0,07 + 0, 0T = —O, V"7 — ,w'T’

If we make the same assumption that eddy fluxes are oriented along isopy-
cnals we can try to follow the above procedure of expressing the divergence
of eddy tracer fluxes as a transport:

DU + DW= awm(sw

:@( )6b 3( )ab

which is not as easy to interpret.

However, since we are considering the adiabatic limit, with fluxes oriented
only along the isopycnals, and since the buoyancy equation can be written
in a Lagriagian form

I+ (0 + v")yb + (0 + w*)d,b =0

where the transporting flow is the residual circulation, then particles of fluid
conserve their buoyancy following the modified motion, v+ v*. Each particle
can be labelled by a tracer value which, in the absence of sources and mixing,
means we can immediately write

o7 + (0 +v")0,7 + (0 + w")0. 7T =0

and see that in the adiabatic limit tracers must be transported by the same
residual flow that transports buoyancy.

11.3 Along isopycnal mixing (Redi)

GM90 also suppose that SGS eddies, as well as transport, tend to mix proper-
ties along isopycnals. Redi, 1977, had already given the method for rotating
the diffusive flux so that it is oriented along isopycnal. The rotated diffusive
flux is written



ATMOSPHERIC AND OCEAN MODELLING

where K . Is a rotation tensor.

Note that K, Vb = 0 so the buoyancy equation is (obviously) unaffected
by along 1bopycna.l mixing.

For stratified conditions in the ocean, |9,b| << |8.b| so that the isopycnal
slopes are small |s,| << 1. The Redi tensor then can be approximated as

1 1_ ~ —8y5525 (1 s,
|8 b|? dybo.b  9,b? s, si
This is known as the small slope approximation to the Redi mixing tensor
and has been widely used in ocean models for convenience.

11.4 Skew flux

Griffies, 1997, pointed out that an advective flux can be written as a skew
diffusive flux as follows:

0y(v°7) + 0.(w'T) = O,((—0.4")T) + .((9,¢*)7)
(0.4")9,7 — (a )07
0.(¢"0,T) — 0y (V" 0.7T)

e (8]

Using the GM90 closue (¢* = ks,) then the GM90 parameterized eddy flux

1s
0 —s 0,7
FGM=FE(S OP) (aif) = kK, VT

p

If we use the GM90 scheme in conjunction with small slope approximation
to Redi mixing we get the net parameterized flux

Fr+ Foum = ( (."‘ER‘F"‘CGM)SP ERSf, )v’r

Griffies noted that using the small slope approximation that there is a ten-
dency for natural cancellation between some components of the flux; there
is no strong argument for whether Kk = kg or not but in ocean models we
typically assume the cancellation is perfect.
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11.5 Transformed Eulerian Mean (TEM)

The TEM approach is to realize that parameterizing the eddy induced veloc-
ity is not any easier than parameterizing any other component of momentum:
nonlocal effects due to pressure gradients make local parameterizations for
momentum very suspicious. Thus the TEM strategy is to make the residual
velocity a prognostic variable and write the equation for v*. The momentum
equation for u* is not closed of course (otherwise we would all be happy re-
laxing at the beach), and it involves eddy fluxes. The advantage is that in
the limit of small Ro, the only eddy term appearing in the equation for u* is
the along-isopycnal flux of Ertel PV. Since we believe that along-isopycnal
fluxes are directed down the mean isopycnal gradients (see Redi), we are in
businness. The QG zonal case is illuminating,

O — fva =Vq = kg, = —k(—u, + f/N’b.),

so that we see that by using a Redi closure for the isopycnal (= horizontal in
QG) PV flux we have closed the momentum equation. The closure is GM-like
if k=const, f=const, N? does not depend on z.
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